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Abstract

Cumulate rocks record the magmatic and cooling processes during formation of Earth’s igneous crust.
Extracting the information of these two processes from mineral records, however, is often convoluted
by various extents of diffusive resetting during cooling subsequent to main stages of crystallization.
Accordingly, for cumulate rocks at diffusive closure, the apparent “equilibrium” temperatures derived
from geothermometers are generally lower than the crystallization temperatures. Using analytical or
numerical models, geospeedometers can extract cooling rates from the closure temperatures (or
profiles) but only if the initial temperatures are determined independently. Here I summarize the
general framework of geothermometry and geospeedometry from a trace element perspective. The
Mg and REE-based exchange geothermometers for mafic cumulate rocks are reviewed as examples
of the geothermometer design. Based on the observed differential diffusive closures of Mg and REE
in oceanic gabbros, I outline a general resolution to uniquely determine the initial crystallization
temperature and cooling rate of a cumulate rock. The basic idea is further demonstrated using the
recently developed Mg-REE coupled geospeedometer for mafic cumulate rocks. Finally, I use the
Hess Deep gabbros as a case study to show that this two-element coupled geospeedometer is
particularly useful to delineate the igneous accretion and cooling styles during crust formation. This
two-element (or multi-element) coupled approach outlined here can also be readily extended for
decoding comprehensive thermal histories of other petrological systems at various geological settings

or other rocky planetary bodies.

1. Introduction

Earth's crust is mainly composed of cumulate rocks, which
are mafic beneath the oceans and vary from mafic to silicic at
continents. Formation of Earth’s igneous crusts generally
involves  generation, transport, emplacement, and
differentiation of magmas that are primarily derived from
partial melting of mantle and/or crustal materials (e.g., Nicolas
etal., 1988; Phipps Morgan & Chen, 1993; Quick & Denlinger,
1993; Bachmann & Huber, 2016). Through buoyancy-driven
migration, these melts could transport shallower and build up
magma bodies or chambers at crustal levels. In the cold crustal
environment, these magma bodies/chambers (Fig. 1) gradually
solidify and evolve through fractional crystallization, melt
replenishment, magma mixing, wall-rock assimilation, and/or
volcanic eruption (e.g., Hildreth, 1979; DePaolo, 1981;
Bachmann & Bergantz, 2004; Spera & Bohrson, 2004; Wark
etal., 2007; Lee et al., 2014; Edmonds et al., 2019; Maclennan,
2019). Depending on the styles of magma supply (e.g.,
singular, pulsive, or continuous) and cooling (e.g., conductive
or convective), these crustal magma bodies/chambers may
undergo various solidification paths generating evolved melts

and crystalline cumulates with diverse compositions. In this
context, cumulate rocks can provide continuous records of
magma solidification as a unique tool for unraveling the
magmatic and thermal histories during igneous crust
formation at different tectonic settings.

Primary questions on magma chamber processes concern
(1) the composition of parental and differentiated magmas, (2)
the igneous accretion and melt emplacement for building the
crustal magma body, and (3) the cooling style and crustal
environment of the solidifying magma body. Conventional
approaches to deciphering these questions mostly rely on the
chemical and isotopic compositions of the cumulate rocks
(e.g., McBirney, 2003; Ashwal et al., 2005; Tegner et al., 2009;
VanTongeren & Mathez, 2013; Namur & Humphreys, 2018;
Tecchiato et al., 2018; Veksler et al., 2018; S. H. Yang et al.,
2019) as well as forward simulations of magma crystallization
and cooling using petrological models (e.g., Spera & Bohrson,
2004; Bohrson et al., 2014; Lee et al., 2014) or high-
temperature experiments (e.g., Green & Ringwood, 1968;
Grove et al., 1982; Morse et al., 2004; Koepke et al., 2018).
Given that most magma bodies are open to various extents of
melt influx and wall-rock assimilation, petrological modeling
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and experimental simulation of the magma chamber behaviors
are complicated by the unknown compositions and
temperatures of parental and influx melts. Major element
compositions of cumulate minerals/rocks are often used as
petrological indexes (e.g., Mg# = 100xMg/(Mg+Fe), and An#
= 100xCa/(CatNa+K) in mole) to qualitatively track
fractional crystallization of the magma chamber and
replenishment of melts with distinct compositions (e.g.,
Cawthorn & Walraven, 1998; Ashwal et al., 2005; Tegner et
al., 2009; VanTongeren & Mathez, 2013; S. H. Yang et al.,
2019). When the residual magmas have significant
interactions with crustal wall-rocks, the primitive melt influx
may also be differentiable through changes in isotopic
compositions of the cumulate rocks (e.g., DePaolo, 1985;
Kruger, 2005). These conventional approaches have
significantly improved our knowledge of magmatic processes
but are inadequate to constrain the igneous accretion and
cooling histories of the magma bodies.

Crystallization temperatures and cooling rates of cumulate
rocks are the two fundamental variables to pinpoint the extents
of solidification, melt influx events, cooling histories, and
residence times of the crustal magma bodies/chambers. These
two variables can be determined by geothermometers and
geospeedometers that are calibrated based on the temperature-
dependent chemical equilibrium and diffusion between
coexisting phases (e.g., minerals or melts), respectively. Many
thermometers have been developed to determine
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crystallization temperatures of minerals in silicate melts (e.g.,
Putirka, 2005, 2008; Mollo et al., 2011; Masotta et al., 2013;
Waters & Lange, 2015), but without the knowledge of
equilibrium melt compositions, these thermometers are
invalid for cumulate rocks. Upon crystallization, the cumulate
minerals undergo subsequent cooling and diffusive exchange
with their surroundings (Fig. 1). The diffusive response to
changes in temperature, although complicates the estimation
of crystallization (or initial) temperatures through
geothermometers, enables the quantitative extraction of
thermal histories from rock records using geospeedometers.
The major challenges to resolving the thermal and magmatic
histories of cumulate rocks thus include (1) development of
relevant geothermometers, (2) quantitative characterization of
diffusion behaviors of the key elements used in the
geothermometers, and ultimately (3) accurate extraction of the
crystallization temperature and cooling rate from a given
cumulate rock.

With recent advance in the studies of trace element
partitioning and diffusion in minerals, here I provide a trace
element approach towards a general resolution for the
magmatic and cooling histories of cumulate rocks. This paper
is organized as follows: I first introduce the advantages of the
trace element approach to decoding thermal-magmatic
processes from mineral records in Section 2, and then outline
the theoretical bases, calibration methods, and
implementations of trace element geothermometers and
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Figure 1. Schematic diagram showing the crystallization and cooling of cumulate rocks in a crustal magma chamber as well as the mineral
responses to cooling after the main stages of crystallization. The magma chamber solidifies continuously in the cold crustal environment and
evolves dynamically through melt replenishment, wall-rock assimilation, fractional crystallization, and perhaps volcanic eruption. These
magmatic processes are recorded in cumulate rocks during solidification of the evolving magma chamber. Subsequent cooling, however, can
alter the crystallization records in cumulate rocks to various extents by diffusive resetting.
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geospeedometers in Sections 3 and 4. As a case study, in
Section 5, I discuss the application of the Mg-REE coupled
geospeedometer to oceanic gabbros and its implications for
formation of fast-spreading lower oceanic crust. Using the
recent developments of trace element geothermometry and
geospeedometry for mafic cumulates, this paper aims to set up
an integrated framework that could be extended for
understanding  comprehensive  thermal  histories  of
petrological systems in general.

2. A trace element perspective for decoding thermal-
magmatic records in minerals

2.1. Equilibrium exchange

Partitioning describes the equilibrium distribution of a
chemical species between two coexisting phases (o and f) and
is quantitatively measured by the partition coefficient (K):

K,=c/cl, )

where C denotes the concentration of species i in each phase.
Thermodynamically, the partition coefficient is derived from
the equilibrium constant (K®) for an exchange reaction
between the two phases:
K°= ai«; = Ci‘?%J =K, %7 ’ 2)
a; Gy

i

where a and y are the thermodynamic activity and activity
coefficient of the chemical species, respectively. The
equilibrium constant can be expressed as

AG _ AH _AS PAV 3)

RT RT R RT

where AG, AH, AS, and AV are the changes of Gibbs free
energy, enthalpy, entropy, and volume for the exchange
reaction, respectively; R is the gas constant; 7 is temperature;
and P is pressure.

According to equations (2-3), the thermodynamic
expression of geothermometers can be generally written as

InkK® =

. AH + PAV ) (4)
AS — R(an,. +Iny? —ln’yf)

Note that in equation (4), the partition coefficient defined by
chemical concentration ratios (cf. equation (1)) is the only
variable that can be directly measured from natural samples,
while all others demand calibrations through systematic
laboratory experiments. As major elements constitute the
crystal lattice, their equilibrium exchange between different
minerals involves other major elements (or components) to
adjust the changes in crystal structure. For instance, Mg
partitioning between coexisting mafic minerals (e.g., olivine,
pyroxene and/or garnet) is generally considered coupling with
Fe exchange (e.g., Ellis & Green, 1979; O’Neill & Wood,
1979). In addition, the activity coefficients of major elements,
for their non-Henry’s law behaviors, depend on their
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concentrations as well as other components in the minerals.
With Henry’s law behaviors, however, trace elements are
expected to have activity coefficients independent of their
concentrations, which practically reduces the complexity in
geothermometer calibration.

2.2. Chemical diffusion

The intra-crystalline diffusive redistribution of an element
is driven by the gradient of chemical potential. The
corresponding diffusion coefficient (i.e., chemical diffusivity,
D) is related to the intrinsic (i.e., tracer or self-) diffusion
coefficient (D) through the following expression:

p' = pl|1+ 7], (%)
O0lnC

where (1+0Iny/0InC) is the thermodynamic factor varying as a
function of the concentration (C) and activity coefficient (y) of
the diffusing species (Darken, 1948). Distinct from the
chemical diffusion, self- (or tracer-) diffusion takes place
through spontaneous mixing driven by the gradient of isotopic
ratios (or trace element abundance) in the crystal instead of the
chemical potential gradient. Because of their Henry’s law
behaviors, trace elements have thermodynamic factors of
unity, and thus their chemical diffusivities are effectively self-
(or tracer-) diffusion coefficients. In light of these
considerations, the experimentally determined D values for
trace element cations can be directly used to model their
diffusive exchanges in natural systems.

Because the equilibrium distribution of a major element
between mineral pairs involves the exchange of additional
major elements, the chemical diffusion of major elements in
natural systems often behaves as a binary or multi-component
diffusion process. Binary diffusion, also called interdiffusion,
is used to describe diffusion in a binary system, while multi-
component diffusion involves three or more components in the
system (e.g., Lasaga, 1979; Watson & Baxter, 2007; Liang,
2010; Y. Zhang, 2010). For instance, Fe-Mg diffusion in
olivine is an interdiffusion process (e.g., Chakraborty, 1997,
Wang et al., 2004), given that olivine can be regarded as a
binary solid solution of forsterite (Mg,SiO4) and fayalite
(Fe2Si04). Many other minerals are solid solutions of multiple
components, such as the pyroxene solid solution composed of
enstatite, ferrosilite, hedenbergite, and diopside components.
For stoichiometry, diffusive redistribution of one major
component in the mineral requires concurrent diffusive
exchange of other components. Therefore, the chemical
diffusion of a major element in binary or multi-component
diffusion processes depends on the intrinsic diffusivity and
thermodynamic behavior (i.e., activity coefficients) of this
major element component as well as those of the coupling
components in the system (e.g., Darken, 1948; Lasaga, 1979;
Liang, 2010).

The coefficients of tracer and effective binary diffusion
have been measured for major element cations in multi-
component minerals (e.g., pyroxenes) under laboratory
conditions; however, the two types of diffusivities could be
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Figure 2. Comparison of diffusion data in clinopyroxene parallel to
c-axis. The Mg and Ca tracer diffusivities were taken from Zhang et
al. (2010; ZGI10) and measured for clinopyroxene (cpx) with 96
mol% diopside (Di) components. The Ca-(Mg+Fe) interdiffusion
coefficients from Brady and McCallister (1983; B&MS83) were
determined for cpx with 52 mol% diopside components, while those
from Miiller et al. (2013) were measured for cpx with 93 mol%
diopside components.

distinct from each other by up to about one order of magnitude
in minerals with similar compositions, such as Ca and Mg in
clinopyroxene with 93-96 mol% diopside (e.g., Cherniak &
Dimanov, 2010; X. Zhang et al.,, 2010) (Fig. 2) . The
significant differences are likely attributed to the non-Henry’s
law behaviors of major element components in the minerals in
addition to the coupled diffusion of Ca-Mg-Fe in
clinopyroxene. Therefore, tracer (or self-) diffusion
coefficients should be used with great caution to model
chemical diffusion of major elements in natural systems. It is
also important to note that binary diffusion coefficients of an
element couple may vary with the mineral composition. For
example, the interdiffusion coefficients of Ca-(Mg+Fe) differ
by about one and a half orders of magnitude in clinopyroxenes
(Brady & McCallister, 1983; Miiller et al., 2013) with
different amounts of diopside components (52 vs. 93 mol%;
Fig. 2). Given these complexities in major element diffusion,
modeling trace element diffusion appears to be more
straightforward to extract cooling histories from rock records.

3. Trace element-based geothermometry

As outlined in Section 2, the calibration of
geothermometers is based on the partitioning of a chemical
species or exchange of two coupled species between
equilibrium phases. To provide an overview of trace element
geothermometry, in this section I first summarize the
theoretical bases of different trace element based
geothermometers, briefly discuss the mechanism of trace
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element partitioning in minerals for thermometer calibration,
and then review the trace element based geothermometers for
mafic cumulate rocks.

3.1. Theoretical basis

According to equations (2-3), the partition (or exchange)
coefficient (K) for a chemical species i between two phases (&
and ) can be described by the thermodynamic expression:

v
v/

7
v/

InK :—E—ln
RT

i

_AS AH+PAV
R RT

In

(6)

For simplicity, equation (6) could also be written in a general
form:

1nKi_Ai+_Bf_;'(P) : (7

where 4 and B are coefficients dependent on mineral major
element compositions, and f{P) is a pressure correction term
for the exchange reaction. Although temperature in general is
one of the intensive parameters controlling the exchange
reaction, not all chemical exchanges are temperature sensitive.
Hence, a major challenge in the design of a new
geothermometer is to find the exchange reaction with a strong
temperature  dependence.  Well-controlled  laboratory
experiments are subsequently required to calibrate 4, B and
A(P) in equation (7). After tested by independent experiments
or well-characterized field samples, equation (7) could then be
turned into a geothermometer to determine temperatures of
natural samples.

Trace element based geothermometers are usually
calibrated using one exchange reaction or the partitioning of a
single element between two coexisting minerals. For instance,
the Ti-in-zircon and Ti-in-quartz thermometers are calibrated
based on Ti partitioning in zircon and quartz, respectively,
with coexisting rutile (e.g., Wark & Watson, 2006; Watson et
al., 2006), and the Mg-in-plagioclase thermometer is based on
Mg partitioning between plagioclase and clinopyroxene (Faak
et al., 2013; Sun & Lissenberg, 2018a). A generic expression
of single element based geothermometers follows the form of
equation (4):

,_B-s(P) ®)

N InK, — 4,

Considering a group of geochemically similar elements (e.g.,
REE: rare earth elements), we can define their partition
coefficients using the system of equations,

Kl Al Bl ( )
K 4, | 1| B, | f(P
| 72 |= po| | m 2
o T ©a)
Kﬂ An Bﬂ

where 1, 2, ..., n denote the number of elements. Rearranged
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in a linear form, equation (9a) can be written as:

B InK,— 4

B InK, —

st PR TR () (9b)
B InK — A

As presented in Sun & Liang (2017), equation (9b) can be
written as a vector expression:
B=7(nK-X)+ /(P) - (10)
where ﬁ, R, and A are column vectors of Bi, K;, and A4;,
respectively. In the (InK—4) vs. B diagram (Fig. 3a), all
elements in the group should define a straight line with the
slope and intercept corresponding to the equilibrium
temperature (7) and f{P), respectively. Thus, equation (10)
provides a new approach of geothermometer calibration,
which has been implemented in orthopyroxene-clinopyroxene
(Liang et al., 2013), garnet-clinopyroxene (Sun & Liang,
2015), and plagioclase-clinopyroxene systems (Sun & Liang,
2017).

It is important to note that the equilibrium temperature and
pressure can be obtained simultaneously from equation (10)
when their effects on the partition coefficients are both
significant (cf. red line in Fig. 3a). Accurate determinate of
pressures becomes difficult if the pressure effect is negligible
or relatively small (i.e., f{P) ~ 0). In this case, f{P) can be
integrated into the coefficient B, and then equation (10) can be
simplified as:
B=T(nK-A). (1)
Accordingly, all elements in the plot of (InK—4) vs. B should
define a straight line (cf. blue line in Fig. 3a) passing through
the origin, the slope of which determines the equilibrium

B = T(InK — A)+f(P)

f(P)

InK—-A
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temperature. Distinct from the single element-based
thermometers, this multi-element approach requires linear
regression analyses of the partition coefficients of multiple
elements. An obvious advantage of this multi-element
approach is that it could make use of all the geochemically
similar elements to determine temperatures (and pressures)
with statistical confidence, even if some of the elements may
appear as anomalies in the system due to alteration by later
processes (e.g., metasomatism). When only one element is
available, this multi-element approach recovers the single
element-based geothermometer, which effectively determines
the temperature by a straight line through this element and the
origin (Fig. 3b). As this line is effectively defined by one
element, accuracy of the temperature determination strongly
relies on the analytical uncertainties of this element in the
coexisting minerals.

3.2. Trace element partitioning

Trace elements are generally regarded as impurities
substituting the major element cations in the crystal lattice site.
As a major interest in petrology, trace element partitioning in
various crystal-melt systems has been experimentally studied
for magmatic processes (e.g., Gaetani & Grove, 1995; Tiepolo
et al., 2007; van Westrenen & Draper, 2007; Le Roux et al.,
2011; Wood & Blundy, 2013; Mollo et al., 2018; Sun, 2018;
and references therein). Substitution of a trace element cation
into the crystal lattice site (Fig. 4) needs to overcome the strain
energy changes (AGsuain) in the crystal and other coexisting
phase (y; crystal or melt) in addition to the Gibbs free energy
change (AGy) for strain-free exchange of an ideal isovalent
cation (Brice, 1975). The overall changes in Gibbs free energy
can be described as:

AG = AG,— AG™™ + AGY

strain strain °

1
rz_()("o _ri)z _5(”0 —r[)3 ’

(12)

AG™™ = 4TEN (13)

strain

B =T(InK — A)

InK—-A

Figure 3. Schematic diagrams showing thermometers based on multiple elements (a) and a single element (b). The multi-element approach can
potentially reduce the uncertainties of temperature calculations through statistical analysis of all relevant partitioning data.
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where 7; is the ionic radius of the trace element cation (i) often
taken from Shannon (1976) for the relevant coordination
number, ry is the radius of an “ideal” or strain-free cation site
in the crystal lattice, £ is the apparent Young's modulus for the
lattice site, and N is Avogadro’s number.

When the crystal is coexisting with a melt, AGiiain Of the
melt can be neglected because the melt structure is much more
relaxed than the crystal. Combining equation (6) with
equations (12—13) derives a general expression to describe the
partition coefficient of a trace element in this crystal-liquid
system:

471' EN |r 2 1 3
K?Wstal/melt — KCrystal/melt ex _ AT PRI Y 14
l ‘ P RT 2 ( 0 ’) 3( 0 1) ) ( )
| K Crvstabimelt ASO _ AH o T PAV0 —ln ,ygrystal
0 R RT o (1)11011 , ( 1 5)

where Ko is the strain-free partition coefficient of the ideal
cation and varies as a function of temperature, pressure, and
composition. Equation (14) is sometimes called the Brice
equation or lattice strain model (Blundy & Wood, 1994) for
quantifying the parabolic relation between the crystal-melt
partition coefficients of isovalent trace element cations and

Crystaj

| n ( Kcrystal/melt)

lonic radius
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ionic radii in the Onuma diagram (Fig. 4). Through non-linear
least-squares regression analyses, the three lattice strain
parameters can be inverted from the crystal-melt partition
coefficients of isovalent cations.

When the two coexisting phases are crystals (¢ and f),
AGiain has to be considered for both crystals (Fig. 4). Thus, in
this mineral-mineral system, the partition coefficient of a trace
element can be described through the following expression
(Lee et al., 2007; Liang et al., 2013; Sun & Liang, 2014):

‘ ; 47E°N |1 2 1 3
alf __ alB _ 4150 (o I
Ki - Ko exp[ RT 2 (ro rz) 3(}’0 rz)
47rE’3NA roﬁ 3 2 1/, 3
tr 7(% ) *5(’0 -, (16)
Kn/melt AS(&/,? 2 .F{Q/HJFPAVMd ’Yﬂ
alf __ —
1nI{O - ln[KZB/melt - Ig o ‘ RT ——In _23 (17)

As shown in equations (16-17), E and ro of the two crystals
are identical to those in the two crystal-melt systems, while Ky
of the mineral-mineral system is equivalent to the ratios of Ko
in two crystal-melt systems. Although one may expect crystal-

melt Ky depending on melt compositions (i.e., y¢'t; equation

CI' ysta 1 ﬂ
A

+- 00

In(Ke®)

T,>T>T, ™

lonic radius

Figure 4. Cartoon drawings of trace element partitioning in crystals. The substitution of a trace element into the crystal lattice sites has to
overcome the change of lattice strain energy, which depends on the relative size difference between the trace element cation and the ideal
lattice site. In the crystal-melt system, partition coefficients of isovalent trace element cations follow a parabolic pattern in the Onuma
diagram (Onuma et al., 1968) and are controlled by the three lattice strain parameters, Dy, £ and ro (Modified after Sun, 2018). However, in
the two-mineral system, partition coefficients of isovalent cations on the log scale generally manifest linear patterns with their ionic radii

and vary systematically with the change of equilibrium temperatures.
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(15)), the effect of melt composition, if any, can be cancelled

out between K: /melt and Kg /melt Bor the calibration of single

element-based geothermometers, it is not necessary to
determine all six lattice strain parameters in equation (16).
However, for the calibration of multi-element based
geothermometers, understanding the systematic partitioning
behaviors of isovalent cations is an important first step.

Given the non-linear trade-off between the six lattice strain
parameters in equation (16), it is challenging to invert them
directly from the measured partition coefficients between two
coexisting minerals. Because these lattice strain parameters
are effectively the same as those in the lattice strain model for
crystal-melt systems (equation (14)), the experimentally
determined mineral-melt partition coefficients can be used to
invert the lattice strain parameters for individual minerals at a
broad range of pressures and temperatures. The lattice strain
parameters can then be parameterized as a function of
temperature, pressure, and/or mineral composition.
Substituting these models of lattice strain parameters into
equation (16), one could obtain a generalized expression as a
new geothermometer. Following this approach, previous
studies have calibrated several multi-element
geothermometers (Liang et al., 2013; Sun & Liang, 2015, 2017)
using REE partitioning models for different mineral-melt
systems (Sun & Liang, 2012, 2013a, 2013b; Yao et al., 2012;
Sun et al., 2017).

3.3. Geothermometers for mafic cumulates

Plagioclase and clinopyroxene are the main rock-forming
minerals co-crystallizing in mafic to intermediate magmas
over an extended temperature interval (e.g., Grove & Bryan,
1983; Sisson & Grove, 1993). Thus, geothermometers for
plagioclase-clinopyroxene systems are particularly useful to
quantitatively constrain the equilibrium or crystallization
temperatures of cumulate rocks. Recent studies have
developed two types of geothermometers based on the
exchange of multiple elements (REE; Sun & Liang, 2017) or
a single element (Mg; Faak et al., 2013; Sun & Lissenberg,
2018a) between plagioclase and clinopyroxene. With the
theoretic background outlined in Sections 3.1 and 3.2, here |
briefly review the recently developed geothermometers for
mafic cumulate rocks.

3.3.1. REE-in-plagioclase-clinopyroxene thermometer

The REE-in-plagioclase-clinopyroxene geothermometer
(Sun & Liang, 2017) was established from the lattice strain
models for clinopyroxene-melt (Sun & Liang, 2012) and
plagioclase-melt systems (Sun et al., 2017). These lattice
strain parameters were calibrated on 43 partitioning
experiments for clinopyroxene-melt systems and 29
experiments for plagioclase-melt systems. The 43
clinopyroxene-melt partitioning experiments were conducted
at 1042-1470 °C and 0.0001-4 GPa and crystalized
clinopyroxene with Mg# of 54—-100. The 29 plagioclase-melt
partitioning experiments cover temperatures of 1127-1410°C,

C. Sun: Trace element geothermometry & geospeedometry

pressures of 0.0001-1.5 GPa, and a wide range of plagioclase
compositions (An# = 41-98).

The lattice strain parameters for REE partitioning between
clinopyroxene and melt can be described through the
following expressions from Sun & Liang (2012):

4

K™ =—7.14+ 7'12:10 +437X0 +1.98x 2 —0.91x%  (18)
77 (A)=1.066—0.104 X" —0.212.X 2% (19)
E™(GPa)= (22757 —2.00)x10" (20)

where XgiCpX is the Al content in the tetrahedral site of
clinopyroxene (cpx) per formula unit; X}Z{LCPX is the Al
content in the M1 site; Xxgz‘CpX is the Mg content in the M2
site assuming a random distribution of Fe-Mg in the M1 and
M2 sites; X}‘}‘z%t is the molar fraction of H>O in the melt; and

T is temperature in Kelvin. Iron is assumed as Fe*" for
pyroxene formula calculations.

The lattice strain parameters for REE partitioning between
plagioclase and melt take the following expressions (Sun et al.,
2017):

2
& =1605-2BLLTE g _sia(xe) . @)
RT ’
i (A)=1.179 (22)
Eplg (GPa) =196 , (23)

where Xg;g is the cation fraction of Ca in plagioclase (plg),
and P is pressure in GPa. Uncertainties of the coefficients in
equations (18-23) were not shown for simplicity but can be
found in Sun and Liang (2012) and Sun et al. (2017). Although
melt major element compositions appear to be unnecessary for
the model calibration, they may indirectly affect REE
partitioning through mineral-melt phase equilibria.

Together with these lattice strain parameters (equations
(18-23)), equation (16) can then be used to quantify the effects
of temperature, pressure, and composition on REE
partitioning between plagioclase and clinopyroxene. The
complete form of equation (16) can be rearranged to derive the
REE thermometer for plagioclase-clinopyroxene systems:

B=T (ln KPer —4) 24)

A=23.19— 5,17()(5}')2 —4.37X ™ =198 X 4+ 0.91X (25)

H,0

B,=-32.04x10° —1.41x10°P* +909.85G(r,) , (26)
G(rl.) =_FPe @i(roplg 7,?)2 7%(;”0% *’?)3
+ E VOZX (rocpx —rl.)z _§<rocpx _rl,>3J ) 27
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Note that G is the correction for changes in lattice strain
energy and can be calculated using £ and ry from equations
(19-20) and (22-23). For anhydrous magmatic conditions or
subsolidus mineral assemblages, X,‘}‘z%t in equation (25)
should be neglected; for hydrous magmatic conditions, +2 wt%
of the melt water contents yield an uncertainty of about +10 °C
in the calculated temperatures (Sun & Liang, 2017). If the
major and trace element compositions are provided for
coexisting plagioclase and clinopyroxene, the temperature can
be obtained through linear least-squares regression analyses of
Kree in the plot of (InK—4) vs. B (Fig. 3) and is given by the
slope of the straight line passing through the origin. For
interested readers, Sun and Liang (2017) provided an Excel®
spreadsheet to automate the temperature calculation using the
REE-in-plagioclase-clinopyroxene thermometer.

Figure 5 shows an example of the temperature calculation
for a gabbro sample (JC21-76R-6; Sun & Lissenberg, 2018a)
from Hess Deep at the East Pacific Rise. In the spider diagram
(Fig. 5a), heavy REE in plagioclase are close to or below
detection limits because of their high incompatibility in
plagioclase, and Eu is significantly apart from other REE due
to its divalent behavior. Therefore, these elements should be
excluded for accurate determination of the temperature.
Through robust linear least-squares regression analyses, the
remaining REE can define a straight line passing through the
origin (Fig. 5b), the slop of which determines the temperature
at 1118 + 4 °C, similar to the crystallization temperatures of
mid-ocean ridge basalts (e.g., Grove & Bryan, 1983). As an
independent test, Sun and Liang (2017) also applied their REE
thermometer to 12 volcanic rocks with coexisting plagioclase
and clinopyroxene phenocrysts reported in the literature. They
noted that temperatures of these samples derived from the
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REE thermometer are in good agreement with the plagioclase
crystallization temperatures calculated using the plagioclase-
melt thermometers (e.g., Putirka, 2005; Waters & Lange,
2015). This demonstrates that this REE thermometer can
record crystallization temperatures of plagioclase in pre-
eruptive magmatic conditions.

3.3.2. Mg-in-plagioclase-clinopyroxene thermometer

The Mg equilibrium exchange between plagioclase and
clinopyroxene can be described through various chemical
reactions, given the multiple endmembers in the two minerals
and the multi-phase assemblages in natural petrological
systems. The preferred reaction in Faak et al. (2013) is

[MgSiO3]cpx + [SIOz] + [A|203] = [MgA|zsizog]p|g , (28)

where MgSiO3 and MgALSi,Os are endmember components
in clinopyroxene (cpx) and plagioclase (plg), respectively, and
SiO; and Al:O3 may not be directly linked to any phases. In
contrast, Sun and Lissenberg (2018a) suggested that the Mg
exchange could be coupled together with Ca,

[MgZSIZOG]ch + [CaA|zsi208]p|g = [CaMgSiZOG]cpx + [MgAIZSiZOS]pIg ’
(29)

where Mg>Si»Os and CaMgSi>O¢ can be replaced by other
Mg- and Ca-endmember components in clinopyroxene (e.g.,
MgAl1,SiOs and CaAlSiOs). Alternatively, the Mg exchange
may also take place by reactions with other coexisting
minerals (Sun & Lissenberg, 2018b):

[MgSiO3]cpx + Z[MgSiOQ,]OpX + [A|203] = [Mg25i04]0| +

[MgALSi>Og]pig (30)
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Figure 5. Temperature calculation using the REE-in-plagioclase-clinopyroxene thermometer for an oceanic gabbro (JC21-76R-6) from Hess
Deep. Plot (a) shows the REE abundances in clinopyroxene and plagioclase normalized by chondrite compositions (Anders & Grevesse, 1989),
and plot (b) displays the linear least-squares regression analysis of the REE partitioning data. The solid curve is the best-fit line passing through
the origin. The temperature error was obtained from the regression analysis without considering the analytical uncertainties. In the temperature
calculation, Eu was excluded for its divalent behavior, and heavy REE in plagioclase were also excluded because of their large analytical

uncertainties.
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where opx and ol denote orthopyroxene and olivine,
respectively.

Given these multiple choices of Mg exchange between
plagioclase and clinopyroxene, chemical reactions need to be
carefully selected to reduce the complexities for thermometer
calibration and application. Thermometers derived from
equation (28) require independent constraints on SiO» and
Al O3 activities, while those calibrated using equation (30) are
only applicable to rocks with four coexisting minerals (i.e., ol,
opx, cpx, and plg) and known AlO; activities. With the
aforementioned limitations, these types of exchange reactions
are not practical for thermometer applications to natural
samples. On the other hand, equation (29) appears to be more
promising as it postulates minimum assumptions regarding the
coexisting mineral assemblages and the knowledge of SiO,
and/or ALOs activities. Although additional minerals and
activities of SiO2 or AlbO; are not included in equation (29),
they may still indirectly influence the Mg—Ca coupled
exchange through the compositions of major elements in
plagioclase and clinopyroxene. For instance, changing the
SiO; activity can potentially modify the anorthite component
in plagioclase (CaAl;Si2Og) and the Ca-Tschermak
component in clinopyroxene (CaAl,SiOg) and, in turn, affect
Mg partitioning through the Mg—Ca coupled exchange
reaction (equation (29)).

Many phase equilibria experiments in the literature have
produced plagioclase and clinopyroxene coexisting with
silicate melts (e.g., Grove & Bryan, 1983; Sack et al., 1987,
Sisson & Grove, 1993; H.-J. Yang et al., 1996; Thy et al., 1998;
Grove et al., 2003; Villiger et al., 2004; Takagi et al., 2005;
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Feig et al., 2006). Unfortunately, because the qualities of Mg
data in plagioclase are highly variable, the existing phase
equilibria experiments cannot be used directly for the Mg
thermometer calibration. Similar to the multi-element
approach for thermometer calibration (Section 3.2), Sun and
Lissenberg (2018a) calculated plagioclase-clinopyroxene Kwg
for existing phase equilibria experiments by combining the
previously calibrated plagioclase-melt Kvmg model (Sun et al.,
2017) with the measured clinopyroxene-melt Kvg from the
phase equilibria experiments. These phase-equilibria
experiments cover a wide range of temperatures (800-
1430 °C), pressures (0.0001-2.7 GPa) and compositions (e.g.,
An# = 28-100 in plagioclase). Through multiple linear least-
squares regression analyses of the plagioclase-clinopyroxene
Kwmg data, Sun and Lissenberg (2018a) calibrated a new
thermometer using the Mg—Ca coupled exchange (equation

(29)):
( _ 14265+ 487P* : 31)
5.15—In(CRE, /Cn ) +0.75( X, )

MgO MgO

where Cwmgo is the weight fraction of MgO in plagioclase (plg)
or clinopyroxene (cpx), and Xa. is the molar fraction of
anorthite in plagioclase [Xan = Ca/(CatNa+K) in mole].
Uncertainties of the coefficients in equation (31) can be found
in Sun and Lissenberg (2018a). The regression analyses yield
a standard error of #29 °C for this thermometer. As
demonstrated in Sun and Lissenberg (2018a), the plagioclase-
clinopyroxene Kw, data from the diffusion experiments of
Faak et al. (2013) further validate the accuracy of this Mg-
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Figure 6. Plots showing (a) the thermometer-derived Mg and REE bulk closure temperatures of Hess Deep samples and (b) the experimentally-
determined diffusion coefficients of Mg and REE in plagioclase and in clinopyroxene. Solid line in (a) displays the strong positive correlation
between REE closure temperatures and plagioclase anorthite contents (Sun & Lissenberg, 2018a). Errors of Mg closure temperatures were taken
from the Mg-exchange thermometer calibration (+29 °C). The diffusion coefficients of REE in clinopyroxene were calculated at 2 kbar using the
diffusion parameters from Van Orman et al. (2001), while those of REE in plagioclase (Xa, = 0.67) were calculated using the diffusion
parameters of Nd from Cherniak (2003). Mg diffusion coefficients in plagioclase were taken from Van Orman et al. (2014), and those in

clinopyroxene were taken from Miiller et al. (2013).
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based thermometer.
Applications of the Mg- and REE-based geothermometers
to oceanic gabbros from Hess Deep indicate systematical

differences in temperatures recorded by Mg and REE (Fig. 6a).

The calculated REE temperatures (Tree = 1040-1283 °C) are
similar to the crystallization temperatures of mid-ocean ridge
basalts (e.g., Grove & Bryan, 1983) and are also positively
correlated with the anorthite contents in plagioclase (An#) that
have been widely used as a qualitative index to track magma
crystallization. However, the calculated Mg temperatures (7w,
= 904-1128 °C) are generally about 39-320 °C lower than
Tree and do not correlate with An#, indicating extensively
diffusive resetting of Mg at lower temperatures after the main
stages of crystallization. Given that the two different
thermometers were applied to the same cumulate rocks, the
most possible causes for the systematic differences between
Twmg and Trek are the differential diffusive responses of Mg and
REE to changes in temperature after crystallization of the
cumulus minerals. As shown in Fig. 6b, the diffusion
coefficients of Mg in plagioclase are about 2—4 orders of
magnitude greater than those of REE in plagioclase,
supporting the faster diffusive resetting of Mg in the
plagioclase-clinopyroxene system. Thus, for mafic cumulate
rocks, the REE-based exchange thermometer can potentially
record temperatures at or close to the crystallization of
cumulate minerals, whereas the Mg-based exchange
thermometer is likely more sensitive to diffusive re-
distribution during cooling.

4. Trace element-based geospeedometry

Extraction of thermal histories from rock records by
geospeedometers relies on the quantitative measurement of
mineral diffusive responses to changes in temperature.
Without significant crystal overgrowth after the main stages
of crystallization, such diffusive response manifests in the
compositional variation. Major controls of the compositional
variation include the rate of temperature changes, the initial
conditions of temperature and concentration, and the diffusion
coefficient of the element of interest in the mineral, as well as
a number of other factors, such as the partition coefficient of
the element between the mineral and surroundings, the size of
the mineral grain, and the relative phase proportions of the
mineral assemblage (e.g., Dodson, 1973, 1986; Lasaga et al.,
1977; Lasaga, 1983; Eiler et al., 1992; Ehlers & Powell, 1994;
Ganguly & Tirone, 1999; Yao & Liang, 2015; Liang, 2015;
Watson & Cherniak, 2015; Sun & Lissenberg, 2018a). Thus,
the design and application of geospeedometers are not as
straightforward as those of geothermometers. In this section, |
first provide a general overview of diffusion and
geospeedometry in petrological systems, then outline the basic
idea of geospeedometer design, and lastly present the recent
progress in geospeedometry for mafic cumulate rocks.

4.1. Diffusion and geospeedometry

10
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4.1.1. A brief overview

According to the phenomenological analysis of Darken
(1948), the diffusive flux (J) of a trace element of interest can
be described as

Olny
JolnC

J—UQE_DP+
ox

oc
Ox ’

(32)

where x is the spatial coordination. The intrinsic diffusivity (D)
can be determined in diffusion experiments through the
Arrhenius equation:

E
D:Doexp{——A , (33)

RT

where Ea is the activation energy, and Dy is the pre-
exponential factor indicating the maximum diffusion
coefficient at infinite temperature. When the activity
coefficient (y) of a trace element is independent of its
concentration (C), its diffusive flux reduces to

oC
D= .

Ox
However, when y varies with the concentration of a major

element (X), the diffusive flux of this trace element takes the
following expression:

J= 34)

ox ox

:_DF£+991@£],

Ox 0X Ox (35)

As shown in equation (35), the major element, if manifesting
zonation (6X/0x # 0), can enhance or reduce the diffusive flux

of the trace element, depending on the sign of dlny/0X and the
major element zoning pattern (0X/0x) (Sun & Lissenberg,
2018b). Additional influence of the major element may arise
from D when it is dependent on X.

Assuming chemical diffusion is the only mass transport
process in the system (e.g., no radiogenic decay/ingrowth, or
extensive crystal overgrowth), the concentration of a given
chemical species varies with time (¢) and the net diffusive flux
and can be described through the continuity equation:

oC
—+VeJ=0.
ot

By substituting equation (35) into equation (36), a general

expression can be obtained to describe the isotropic diffusion

of a trace element in a crystal:

(36)

ac 1 9

o, g r'D
ot "' or

; (37

oC , oy ox
or 00X Or

where 7 is the spatial coordinate from the center of the crystal,
and n indicates the geometries (1 — plane sheet, 2 — cylinder,
and 3 — sphere) approximating crystal shapes in one-, two-,
and three-dimensional spaces. Assuming negligible effects of
major elements on y, equation (37) can be simplified to the
familiar diffusion equation:
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Assuming that the cooling system starts from chemical
equilibrium, the initial (Cp) and boundary concentrations (Cy)
are determined by the partition coefficient (K) between this
crystal (@) and its surrounding phase (£):

@
C()

=K(1)-C , (39)

Cy=K(T)-C/,

b

(40)

where K(To) and K(7) denote partition coefficients at the initial
(To) and instantaneous temperatures (7), respectively. The
temperature dependence of partition coefficients can be
experimentally calibrated using equation (7) or (16). If the
system is approximately closed, an additional boundary
constraint comes from the balance of total diffusive flux
between this crystal and its surrounding phase:

. D" aC”
L or

_pac
1’ or

¢ ; (41)

r=1’

where ¢ denotes the modal abundance, and L is the effective
grain radius. However, this boundary constraint becomes
unnecessary when the surrounding phase has no
compositional responses to diffusion in the crystal, i.e., phase
pf has a constant and homogeneous concentration profile. In
this case, the surrounding phase behaves as a homogeneous
infinite reservoir, and accordingly the initial and boundary
conditions defined in equations (39) and (40) are sufficient to
solve diffusion in the single crystal.

In a cooling petrological system (Fig. 7), the crystal
boundary has instant responses to temperature changes and
thus causes a concentration gradient driving diffusion between
the interior and boundary. If chemical disequilibrium is
imposed initially as zonation in the crystal (e.g., stepwise
profiles) due to different stage of formation, diffusion could
commence immediately within the crystal. Because D
decreases exponentially with temperature (equation (33)),
chemical diffusion effectively reaches closure at a lower
temperature, leaving a stabilized concentration profile, i.e., the
closure profile (Dodson, 1986) in the crystal (Fig. 7). The
corresponding temperature is called the closure temperature
(Dodson, 1973). Applying the relevant geothermometers to
the mean or local concentration of the closure profile, one
could obtain two types of closure temperatures, i.c., the bulk
and local closure temperatures (Dodson, 1973, 1986).
Accordingly, cooling rates can be estimated using the local
closure profile (or local closure temperature), i.e., the grain-
scale diffusion approach, or using the mean concentration of
the crystal (or bulk closure temperature), i.e., the bulk
diffusion approach. Through analytical and numerical
analyses of equation (38) or its approximate forms, both
approaches have been widely used to model cooling histories
of various petrological systems (e.g., Dodson, 1973, 1986;
Lasaga et al., 1977; Lasaga, 1983; Eiler et al., 1992; Ehlers &

11
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Powell, 1994; Ganguly & Tirone, 1999; Yao & Liang, 2015;
Liang, 2015; Watson & Cherniak, 2015; Sun & Lissenberg,
2018a).

4.1.2. Single crystals within infinite reservoirs

A simple scenario formulated in the seminal works of
Dodson (1973, 1986) is a single crystal within an infinite
reservoir, in which the relative proportions of individual
minerals can be omitted. To linearize this diffusion problem,
Dodson (1973, 1986) assumed that both the reciprocal
temperature (1/7) and boundary concentration (Cp) vary
uniformly with time (f):

EA EA

A —_A ¢

- RTO+/T, (42)
C,=C,+bt/T, (43)

where 7 is the characteristic time constant for an e-folding
decrease of diffusivity (cf. equation (33)) during cooling, and
b is a constant of temporary use. The cooling time constant (7)
is related to the absolute cooling rate (d7/df) at an
instantaneous temperature (7) following the expression:

RT?

~E(ardl) - (44

Through an analytical approach, Dodson (1973, 1986) derived

a simple expression relating the closure temperature (7¢) to the

instantaneous cooling rate (d7/df) at T¢:
E,/R

RT*D,

n 2
E,(dT/dt)L

r_ E, /R _
* n[-7D,/P]+T

; (45)

where I' is the closure function depending upon crystal
geometry and location in the crystal. Interested readers are
referred to Table 2 in Dodson (1986) for the spatially variable
I' that enables the calculation of a local closure temperature
profile using equation (45). The spatially weighted average of
I' is 4.0066 for sphere, 3.29506 for cylinder, and 2.15821 for
plane sheet, which give rise to the bulk closure temperatures
for corresponding geometries.

According to Dodson’s formulation (equation (45)), the
closure temperature for diffusion in a single crystal is
positively correlated with the cooling rate and grain size but
increases with the decrease of diffusivity (Mg vs. REE; Fig.
8a). The cooling rate (dT/df) and the square of grain radius (L)
can be conveniently treated together by their product as a
single term bearing the meaning of cooling rates, i.e., the
effective cooling rate. As shown in Fig. 8b, the bulk closure
temperature derived from Dodson’s formulation for a given
element always follows a single curve as a function of the
effective cooling rate, regardless of the initial conditions. This
effect is due to the simplification adopted by Dodson (1973,
1986) that only takes account of cases with extensive diffusion
and complete loss of the initial conditions (i.e., 7o and Cp) in
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the crystal. If the assumptions of Dodson (1973, 1986)
regarding the extensive diffusion and infinite reservoir can be
justified for natural single-crystal systems, equation (45) could
then be applied to estimate the rate of cooling using either the
bulk closure temperature or the closure (temperature) profile
of the crystal.

To incorporate arbitrary small amount of diffusion in
Dodson’s formulation, Ganguly and Tirone (1999) introduced
a numerical correction term for the closure function (I') in
equation (45), which depends on the initial temperature and
crystal geometry. Closure temperatures from the two
formulations are consistent for systems with slow cooling
rates and/or small grain radii. However, for systems with rapid
cooling rates and/or large grain sizes, closure temperatures
derived from the formulation of Ganguly and Tirone (1999)
remain close to the corresponding initial temperatures (Fig.
8b), indicating the necessity of correction for the closure
function. Notably, the closure temperatures of slower
diffusing species (e.g., REE) are more resistant to diffusive
resetting of the initial condition than those of faster diffusing

Closure profile

Concentration

Position

Temperature

Composition
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species (e.g., Mg). Given the potential effect of initial
conditions on closure temperatures, estimation of cooling rates
using the formulation of Ganguly and Tirone (1999) for
natural single-crystal systems thus demands a prior
assumption or an independent determination of the
equilibrium initial conditions. In particular, for single-crystal
systems with stepwise initial concentration profiles, Watson
and Cherniak (2015) developed a parameterized expression
from their numerical solutions to constrain the cooling history.

4.1.3. Two- or multi-mineral assemblages

For cooling petrological systems with two or more
minerals, simple analytical expressions have not been
obtained following the approach of Dodson (1973, 1986).
Using a second-order polynomial approximation for the
diffusion profile of each crystal in the bi-mineral system,
Liang (2015) simplified the familiar diffusion equation
(equation (38); i.e., first-order derivative in time and second-
order in space) to first-order transport equation (i.e., first-order
derivatives in both time and space). Assuming that the system

Diffusion operating | Closure

parameter

g Time f

Figure 7. Schematic diagrams showing the closure profile and temperature of a cooling petrological system. During cooling, the crystal surface
remains in chemical equilibrium with the surroundings, which generates a concentration gradient from the interior to drive diffusion. Due to
diffusive interaction with the surroundings, the initial concentration profile of the crystal becomes progressively concave through time (¢) but will
be effectively locked at a certain point (¢ = #), marking the closure of diffusion in the crystal. The locked concentration profile is called the
closure profile (Dodson, 1986). Similarly, the chemical composition of the crystal or other equivalent parameters (e.g., concentration ratios with
the surroundings) would also become asymptotically invariant after a certain time. The invariant value is directly measurable from natural

petrological systems at diffusive closure (¢ > #) and can then be related to an equilibrium temperature at an earlier time (¢ = ¢). This “equilibrium’

>

temperature, named as the closure temperature (7¢) by Dodson (1973), is apparently lower than the initial temperature (7o) and greater than the

ambient temperature (7)) at the time of diffusive closure (¢ = #).
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has not been open to mass transfer with their surrounding
media during cooling, Liang (2015) constructed an analytical
expression to describe the bulk closure temperature of a trace
element in cooling bi-mineral systems:

$,E, L, (dT/dt) /D(Y’TC+¢QE L(dr/dt) K, /D,,

Ao« ApBTB
(d){) [<TL + ¢ﬂ ) RTLZ
00K E | L L

b D (dr/dt) =exp(T)

Z.

8.1,

(6,K, +6,) BT’
(46)

where quantities with subscript 7. indicate that they are
evaluated at T, I is the spatially averaged closure function
from the formulation of Dodson (1973, 1986) (equation (45)),
and FEx is the activation energy of partitioning (= B*R; B is
defined in equation (10)). Because the corrected closure
function (I') of Ganguly and Tirone (1999) for diffusion in
single crystals is not applicable to bi-mineral systems,
arbitrary small amount of diffusion was not taken into account
in equation (46) to incorporate the effects of large grain sizes
and initial temperatures. Thus, direct estimation of cooling
rates using equation (46) can only be made for bi-mineral
systems with complete loss of the initial conditions.

This analytical expression (equation (46)) of Liang (2015)
enables the scale analysis on the relative importance of
individual minerals for determining the bulk closure
temperature of a trace element in the cooling bi-mineral
system. Introducing two short-hand notations (® and ®), Sun
and Liang (2017) rewrote equation (46) as a Dodson-type
expression:
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where © is a correction factor for the effects of diffusion,
partitioning, and relative proportions of the coexisting
minerals (a and ), and @ denotes the relative diffusion rates
in the two minerals. It is important to note that due to various
effects from the surrounding phase, the closure temperature of
a bi-mineral system cannot be simply taken as that of a single
crystal. As shown in equation (48), the relative diffusion rate
(w) is the primary factor controlling the bulk effect (®) of the
surrounding phase. When the two minerals have comparable
diffusion rates (w = 1), the bulk effect of the surrounding
phase becomes negligible (® = 1 = In(®) = 0), which reduces
equation (47) to the formulation (equation (45)) of Dodson
(1973, 1986). In this case, the surround phase /S effectively
becomes an infinite reservoir for diffusion in mineral a, and
thus the closure temperature formulations for single-crystal
systems (e.g., equation (45)) likely remain valid. However,
when the relative diffusion rates in the two minerals are
distinct from each other (| — 1| >> 0), the bulk effect of the
surrounding phase (®) can exert sufficient influences
(In(®)| >> 0) to make the bi-mineral closure temperature
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Figure 8. Comparison of bulk closure temperatures derived from the formulations of Dodson (1986) and Ganguly and Tirone (1999; GT99) for
REE and Mg in spherical plagioclase crystals within a homogeneous infinite reservoir. The cooling rates in (a) are absolute cooling rates, while
those in (b) are the effective cooling rates, i.e., the products of grain radius squares (L?) and cooling rates (d7/df). Two different grain radii (0.1
and 1 mm) were used in the closure temperature calculations. See Fig. 6 for the references of Mg and REE diffusion data.
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significantly derivate from that of the single crystal. Under this
condition, a numerical analysis of equation (38), as shown in
previous studies (e.g., Lasaga et al., 1977; Eiler et al., 1992;
Ehlers & Powell, 1994; Yao & Liang, 2015; Sun & Lissenberg,
2018a), is necessary for a more comprehensive understanding
on the cooling histories.

4.2. Basic idea of geospeedometer design

The goal of geospeedometry is to conveniently extract the
cooling history information from the diffusive relaxation of
petrological systems that can be measured through closure
temperatures (i.e., equivalent to closure profiles). As
discussed in Section 4.1, the closure temperature (7¢) of the
system can be described in general as

T = f(T,.dT/dt.Q) » (50a)

O={D.K.4,L}, (50b)
where f denotes an unspecified expression defined by the
analytical or numerical solution of the diffusion equation, and
Q is a set of directly measurable variables including the
diffusion coefficients (D), phase proportions (¢), grain radii
(L), and partition coefficient(s) (K) of the mineral(s) in the
petrological system. If the system starts cooling from
disequilibrium concentration profiles, the initial concentration
(Co) should also be considered as an additional variable. In
addition to the cooling rate (d7/dt), the initial condition (i.e.,
To and Co) can significantly influence the closure temperatures
(or profiles) for systems with relatively rapid cooling rates
and/or large grain radii. As shown in Fig. 8b for a single
crystal in a homogeneous infinite reservoir, without knowing
the relevant 7o, it is easy to mistakenly underestimate the
cooling rate by several orders of magnitude using the observed
closure temperatures. Moreover, as the initial point of the
cooling path (Fig. 7), T is also important for estimation of the
cooling time scale for the petrological system.

Because cumulate rocks have simple monotonic cooling
paths after the main stages of crystallization, 7y of cumulate
rocks are effectively the mean temperatures of cumulus
crystallization and hence are of significant importance for
understanding magmatic histories of cumulate parental melts.
Estimation of 7y for cumulate rocks depends not only on the
precision of geothermometers but also on the extent of
diffusive resetting (i.e., equivalent to closure temperatures) of
key elements used in the geothermometers. In general, slowly
diffusing elements tend to have small extents of diffusive
relaxation and thus likely record closure temperatures close to
conditions of mineral crystallization (e.g., Wark & Watson,
2006; Watson et al., 2006; Liang et al., 2013; Sun & Liang,
2015, 2017). However, at smaller effective cooling rates
(L*+dT/dt; Section 4.1.2), elements with slow diffusivities (e.g.,
REE) could also be extensively reset to lower temperatures
(Fig. 8). Given the codependent relation between closure
temperatures and cooling histories (i.e., To and d7/dt; equation
(50a)), it is challenging to determine the full cooling path
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Slow diffuser

Solutions for T,

\J

Solutions for dT/dt

Figure 9. Schematic illustration showing the determination of
initial temperature (7o) and cooling rate (d7/d¢) for a cooling
petrological system. As Ty and d7/dt both affect the measured
closure temperatures, one may find a family of possible solutions
for Ty and d7/dt using the closure temperatures of single
elements. The combination of two elements with distinct
partitioning and diffusion behaviors could simultaneously
constrain the two unknowns (7o and d7/df) from the intercept of
two series of solutions.

(including both Ty and dT/df) from the measured closure
temperatures (or profiles) of single elements.

A promising resolution to this problem is the combination
of two or multiple elements with distinct geochemical
behaviors in diffusion and/or partitioning. Following equation
(50a), the closure temperatures of two elements (i vs. j) can be
written as:

T = f(T,.dT/dt,9,) - (51a)

T/ = g(T,.dT/d, Q) . (51b)
Given their distinct geochemical behaviors, the two elements
have unique Q and explicit expressions (f vs. g) of closure
temperatures. From the measured closure temperatures of each
element, one may obtain a family of solutions for 7o and d7/dt;
however, when considered together, the two families of
solutions may intercept at a singular point that determines both
To and dT/dt for the petrological system (Fig. 9). This
approach has been detailed recently in the framework of
differential responses of bulk closure temperatures by Sun and
Lissenberg (2018a), while similar ideas were also suggested
in several previous studies (e.g., Watson & Harrison, 1984;
Costa & Dungan, 2005; Morgan & Blake, 2006; Watson &
Cherniak, 2015; Sun & Liang, 2017).

4.3. The Mg—REE coupled geospeedometer for mafic
cumulates

For mafic cumulate rocks, two different geothermometers
have been calibrated based on the partitioning of REE and Mg,
respectively, between plagioclase and clinopyroxene (see
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Section 3.3). As shown in Fig. 6a, the closure temperatures of
REE and Mg derived from the two thermometers appear to be
systematically distinct from each other for oceanic gabbros,
which can be explained by the relative differences in their
diffusivities (Fig. 6b). Following the idea outlined in Section
4.2, the differential diffusive closures of Mg and REE in
plagioclase-clinopyroxene systems are suitable for
constructing a generalized geospeedometer to determine the
full cooling path of mafic cumulate rocks (Sun & Lissenberg,
2018a). In addition to the two geothermometers, however,
implementation of this idea also requires establishing the exact
expressions of the closure temperatures (equation (50a)) from
analytical or numerical solutions of the diffusion equation.

4.3.1. Diffusion model

Mafic cumulate rocks with plagioclase and clinopyroxene
as the major cumulus phases can be effectively treated as two-
mineral aggregates for diffusion modeling. Given their
significantly different diffusivities (Fig. 6b), plagioclase and
clinopyroxene in this two-mineral system has distinct
diffusion rates of Mg or REE (0 >> 1 2 In(®) << 0; see
equation (47)) and thus cannot be considered simply as a
single crystal in an infinite reservoir that has been formulated
previously with analytical solutions (e.g., Dodson, 1973, 1986;
Ganguly & Tirone, 1999). Accordingly, numerical models are
required to build the explicit expressions for Mg and REE
closure temperatures in this two-mineral system. As both
minerals are important for determining the measured closure
temperatures or profiles, the grain-scale diffusion approach
has to consider the closure profiles of individual crystals in the
plagioclase-clinopyroxene  aggregate to obtain  the
representative cooling information. Because cross-section
analysis of trace elements requires more dedicated protocols
and analytical facilities, often one or two selected profiles are
measured for grain-scale diffusion modeling, which
apparently introduces a significant bias for this two-mineral
diffusion system. Instead, the bulk diffusion approach is more
practical, because the averaged mineral compositions can be
routinely measured through in situ analyses of cores and rims
in multiple representative grains of each mineral.

Numerical modeling of trace element diffusion commonly
solves the familiar diffusion equation (equation (38)) through
finite difference methods. For bulk diffusion simulations of a
trace element (i.e., Mg and REE), the plagioclase-
clinopyroxene system can be approximated as an aggregate of
two types of spherical mineral grains, and chemical diffusion
has to be solved simultaneously in both plagioclase and
clinopyroxene along a prescribed cooling path. Similar to
Dodson (1973, 1986), the monotonic cooling profile of
cumulate rocks can be described as a reciprocal function of
time in the diffusion simulations:

YT =1/T, +net > (522)

n=(ar/ar), [(1,) =(ar/ar), /()

(52b)
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where 7 is a cooling constant determined by the absolute initial
cooling rate. As shown in equation (52b), the (absolute)
cooling rates decrease at lower temperatures and can be
adjusted for instantaneous temperatures. The initial and
boundary conditions of the two types of minerals are
constrained by equation (39—41), the temperature-dependent
partition coefficients (Kreg: equations (24-27); Kmg: equation
(31)), and the temperature-dependent diffusion coefficients in
plagioclase (equations (A14 and A15) in Sun & Lissenberg,
2018a) and in clinopyroxene (Van Orman et al., 2001; Miiller
et al., 2013). Note that equations (A14) and (A15) in Sun and
Lissenberg (2018a) are parameterized Arrhenius equations
using the Mg diffusion data of Faak et al. (2013) and Van
Orman et al. (2014) and the REE diffusion data of Cherniak
(2003), respectively. The closure of diffusive exchange,
following Dodson (1973, 1986), can be defined by the
asymptote of apparent bulk partition coefficients. Interested
readers are referred to Appendix A in Sun and Lissenberg
(2018a) for details of the numerical methods and calculations
of bulk closure temperatures.

It has been suggested that the anorthite zonation in
plagioclase can influence the diffusive relaxation of Mg in
plagioclase (e.g., Costa et al., 2003). According to equation
(35), additional diffusive fluxes may come from the major
element dependent activity coefficients. Although rigorous
activity models have not been constructed for trace elements
in minerals, they could be inferred from the partitioning model
or its equivalents (e.g., exchange geothermometers) according
to the scaling relation between the activity coefficient and
relevant major elements. Incorporating the effect of anorthite
zoning, Sun and Liang (2017) solved the more complete form
of diffusion equation (equation (37)) for Mg and REE
diffusion in two representative aggregates with normally
zoned plagioclase. However, their simulation results indicate
negligible influences on the calculated bulk closure
temperatures. Given that natural cumulate rocks likely have
various types of zoning patterns in plagioclase, the integrated
effects of anorthite zoning, if any, are anticipated to be
insignificant for the bulk diffusion in the two-mineral
aggregate.

4.3.2. Determination of the cooling path

Figure 10 shows an example of the numerical calculations
for Mg and REE diffusion in a cooling plagioclase-
clinopyroxene aggregate with a uniform grain radius and equal
mineral mode. The imposed cooling paths were defined by
four equilibrium initial temperatures (1000—1300 °C) and a
wide range of effective cooling rates (1077~10° °C/yr-mm?).
The calculated bulk closure temperatures of REE (7xrgg; solid
curves) and Mg (Twmg; dashed curves) define two regimes, a
slow- and a fast-cooling regime (Fig. 10a). The boundaries of
these two regimes are controlled by the “Dodson limit”
corresponding to bulk closure temperatures for a “sufficiently
high initial temperature” but importantly varying as a function
of Q (see equation (50a); Sun & Lissenberg, 2018a). Within
the two regimes, the differential responses of Trer and T to
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the same cooling path enable one to establish their explicit
expressions (equation (50a)) and further to uniquely constrain
both 7o and d7/dt of the cooling path. However, for extremely
slow cooling, both Tree and Tmg may lose the memory of
initial conditions and fall on their Dodson limits; for very rapid
cooling, both Tree and 7w, likely remain at 7p and thus are
unable to determine d7/dt.

The simultaneous inversion of 7o and d7/dt could be
visualized by plotting the differences between Tree and 7wy as
a function of Tgree (Fig. 10b). The maximum differences
between Tree and 7w, define the upper boundary in Fig. 10b
and are equivalent to the Dodson limit of REE. The
background curves in Fig. 10b are two families of contours for
the numerically calculated bulk closure temperatures: the
dashed curves are isopleths of d7/dt, while the solid curves are
isopleths of Tp. The two families of isopleths intercept at
singular points that uniquely define 7o and d7/dt. For instance,
Tree (1080 °C) and Tmg (800 °C) of a hypothetical sample
place it at the intercept of two isopleths (point A; Fig. 10b),
which determines d7/dt at 10* °C/yrsmm? and Tp at 1100 °C.
If samples have identical 7w and Tree (e.g., point B in Fig.
10b), Twg and Tree could only tell 7p and the lower limits of
dT/dt; if samples reach the upper boundary (e.g., point C in
Fig. 10b), Tmg and Tree can only constrain d7/dt and the lower
limits of 7y. However, samples may also go beyond the upper
limit or below the zero-horizontal line in Fig. 10b, as a result
of inaccurate estimations of closure temperatures or complex
thermal histories; for these samples, no solutions can be
obtained from this two element-coupled geospeedometer.

The aforementioned inversion approach is based on the
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numerical simulations of Mg and REE diffusion for a
plagioclase-clinopyroxene aggregate with a specified grain
radius, mineral mode and plagioclase composition. Given that
natural mafic cumulate samples likely have a wide range of
grain sizes, mineral modes, and plagioclase compositions, a
substantial amount of numerical simulations are thus needed
to establish the exact expressions of 7wy and Tree and to
further invert d7/dt and T, for individual samples. For
convenience, Sun and Lissenberg (2018a) compiled their
numerical solutions from 1.575x10° diffusion simulations in a
multi-dimensional grid that can be used to interpolate the
expressions of Tmg and Tree for a wide range of plagioclase
compositions, mineral proportions, and grain radii. Using the
Matlab® program provided in Sun and Lissenberg (2018a),
interested users could readily automate the inverse
calculations of 7y and d7/d¢ for a batch of mafic cumulate
samples.

5. A case study on oceanic crust formation

The cumulate section of oceanic crust is mainly composed
of gabbros and gabbronorites that solidifies from mantle-
derived magmas beneath the spreading mid-ocean ridges.
Among the existing models for oceanic crust formation at fast
spreading mid-ocean ridges, two end-members remain
debating on whether oceanic cumulates crystalize mainly in a
shallow melt lens (e.g., Sleep, 1978; Phipps Morgan & Chen,
1993; Quick & Denlinger, 1993; Coogan et al., 2007; Faak et
al., 2015) or largely in situ from various magma sills in the
lower crust (e.g., Nicolas et al., 1988; Kelemen et al., 1997,
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Figure 10. Numerical simulation results of REE (Trgg) and Mg (7w,) bulk closure temperatures for a plagioclase—clinopyroxene assemblage with
auniform grain radius and equal mineral mode (Sun & Lissenberg, 2018a). Plot (a) shows Treg (solid curves) and 7Ty (dashed curves) as functions
of effective cooling rates and initial temperatures, and plot (b) illustrates the simultaneous inversion of the cooling rate (d7/df) and initial
temperature (7p) for a given sample by intercepting the two isopleths (dashed and solid curves for d7/dt and Ty, respectively). Given the observed
compositional dependences (Cherniak, 2003; Faak et al., 2013; Van Orman et al., 2014; Sun & Liang, 2017; Sun & Lissenberg, 2018a), the
diffusion and partition coefficients of REE and Mg in plagioclase need be calculated for different anorthite contents. The simulation here used

plagioclase Angs.
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Lissenberg et al., 2004; Maclennan et al., 2005; VanTongeren
et al., 2008, 2015; Natland & Dick, 2009). The former implies
that oceanic cumulates underwent near-conductive cooling in
the deeper crust; however, the latter suggests that oceanic
cumulates experienced rapid cooling perhaps due to crustal-
scale hydrothermal circulations. Hence, these two models are
differentiable by the cooling histories recorded in oceanic
cumulate rocks.

The oceanic crust at Hess Deep rift valley is a reference
section for fast-spreading oceanic crust and has been mapped
and sampled in several previous studies (e.g., Karson et al.,
2002; Lissenberg et al., 2013). Recently, a suite of gabbroic
samples from Hess Deep have been reported with mineral
compositions, detailed petrographic descriptions, and
reconstructed stratigraphy (Lissenberg et al., 2013). Through
dedicated analysis on representative samples, Sun and
Lissenberg (2018a) further confirmed the reliability of MgO
data in plagioclase from Lissenberg et al. (2013). To correct
for the effects of grain size, Sun and Lissenberg (2018a) also
measured the average grain sizes of plagioclase and
clinopyroxene from these samples. This provides a total of 46
well-characterized samples from a reconstructed section of

4.35 km below the dike-gabbro transition (DGT) at Hess Deep.

Among them, only 15 samples have REE data. However, the
15 samples define a strong positive linear relationship between
the calculated REE closure temperatures and plagioclase An#
(Fig. 6a), which can be used to empirically estimate the REE
closure temperatures of other Hess Deep samples.

Applying the Mg—REE coupled geospeedometry (Section
4.3) to the Hess Deep samples, Sun and Lissenberg (2018a)
successfully calculated the initial temperatures and cooling
rates for 44 of the 46 samples. The inverted initial
temperatures (998—1353 °C) are slightly greater than Tree
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(998-1294 °C), but the overall differences are small,
indicating small extents of diffusive re-distribution of REE in
Hess Deep gabbros. As shown in Fig. 11a, near the DGT, the
initial temperatures (998—1125 °C) vary over ~130 °C within
56 m, which suggests that the axial magma chamber is likely
dominated by continuous influx and fractional crystallization
of evolved melts from the deeper crust. The highly evolved
temperatures near the DGT are consistent with the petrological
evidence on Hess Deep samples (Natland & Dick, 1996).
Although with the largest uncertainty (+ 60 °C), the highest
temperature (1353 °C) at 3523 m is comparable with the
primary melt temperatures at mid-ocean ridges (1300-1400-C;
e.g., Lee et al., 2009). Similar temperatures (1261-1289 °C)
also arise at 2066-3568 m, indicating emplacement of mantle-
derived partial melts at various depths of the lower oceanic
crust. The overall upward decrease of initial temperatures
along the stratigraphy (Fig. 11a) suggests that the deeper
crustal section (>2000 m) likely confines the overall
temperatures of migrating melts in crystal mushes. Given the
small-scale temperature variations in the deeper section,
accumulation and in situ solidification of replenished melts
likely proceed in small magma bodies at various depths,
perhaps about tens to hundreds of meters in thickness, which
is also supported by a recent magnetic anisotropy study
(Morris et al., 2019).

Notably, the inverted cooling rates agree well with the
cooling rates inferred from the hydrothermal cooling models
of Maclennan et al. (2005) and are generally greater than those
from Maclennan et al.’s conductive cooling model by about
one to two orders of magnitude (Fig. 11b). This supports the
previous notion of deep hydrothermal cooling of the lower
oceanic crust (e.g., Maclennan et al., 2005; VanTongeren et
al., 2008) and also appears to be compatible with the estimated
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Figure 11. Stratigraphic variations of (a) the initial temperatures (7o) and (b) cooling rates (d7/df) derived from the Mg—REE coupled
geospeedometer for the Hess Deep gabbros (Sun & Lissenberg, 2018a). Modeling results of Maclennan et al. (2005) for two different thermal
models (conductive vs. hydrothermal) are shown in (b) for comparison with the inverted cooling rates.
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cooling profiles of the upper most mantle section in Oman
ophiolite (Dygert et al., 2017). More importantly, with a
comprehensive coverage on the oceanic crust profile, the
cooling rate results enable a systematic assessment of
stratigraphic variations. Near the DGT, the inverted cooling
rates vary over two orders of magnitude (0.024-2.26 °C/yr)
within about 56 m, indicating efficient heat extraction at the
axial magma chamber. The 5 samples at 2198-3193 m appear
to have anomalously rapid cooling rates (0.372—-10.2 °C/yr),
indicative of more efficient heat extraction at localized regions
of the lower oceanic crust. Such rapid cooling zones can be
attributed to high hydrothermal flows at regional depths and/or

to later intrusion of magma bodies into colder off-axial regions.

Both mechanisms likely involve brittle-ductile transition in
the lower oceanic crust. However, the latter appears to be
favored by recent seismic observations at East Pacific Rise
(e.g., Canales et al., 2012; Han et al., 2014). In addition, most
of the high temperature samples (75 > 1260 °C; about 2066—
3568 m) show relatively slow cooling rates (< 0.01 °C/yr) and
thus solidified at extended time intervals that are consistent
with multiple replenishments of mantle melts in the deeper
crustal section.

The geospeedometry results of Hess Deep samples,
together with previous evidence in petrology and seismology,
lead Sun and Lissenberg (2018a) towards a new model for
oceanic crust formation at fast-spreading mid-ocean ridges
(see their Fig. 7). They suggested that the crust formation zone
consists of a crustal-scale magma mush, off-axial magma
bodies, and a shallow axial magma lens. According to the
thermal structure from Dunn et al. (2000), the mush region
may extend to ~1.5-3.5 km off the ridge axis, which is mainly
constrained by crustal-scale hydrothermal circulations and
mantle melt influx. As suggested by recent observations at
Oman ophiolite (Zihlmann et al., 2018), the deep circulations
of hydrothermal fluids may involve off-axial faulting in the
lower crust. The replenished melts likely transport reactively
through the mush and partly accumulate as small magma
bodies at various depths. In situ crystallization and
replenishment of these magma bodies can disturb the
stratigraphic variations of crystallization temperatures and
cooling rates recorded in the cumulate rocks. Along the brittle-
ductile transition, melts may escape from the mush zone and
segregate in the off-axial region. These off-axial magma
bodies, if no successive melt influx, likely solidify on
timescales of hundreds to thousands of years (see equation
(52a)), according to the calculated cooling rates and
crystallization temperatures (Fig. 11). However, the shallow
axial magma lens is dynamically stable during crustal
formation because of the continuous melt replenishment from
the deeper mush zone.

6. Concluding remarks

The general framework of trace element-based
geothermometry and geospeedometry was outlined in this
paper and discussed with the recently developed
geothermometers and geospeedometer for mafic cumulate
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rocks. I emphasized that trace elements, with relatively simple
behaviors of partitioning and diffusion, have unique
advantages over major elements for constructing new
geothermometers and geospeedometers. Through lattice strain
analyses of trace element partitioning, I showed that two-
mineral exchange geothermometers can be calibrated using
crystal-melt partitioning data for individual minerals. In
particular, the lattice strain model also enables a new approach
of geothermometer calibration by making use of the
systematic partitioning behaviors of multiple trace elements
with the same valent state (e.g., REE*"), but before application
to natural rocks, independent tests of the geothermometers are
strongly required.

Although designed to determine the equilibrium
temperatures, geothermometers can only decode closure
temperatures from the natural mineral records. Due to cooling
after the rock formation, mineral compositions have been reset
to various extents by diffusive exchange with the surroundings.
As shown by the Mg and REE thermometry of oceanic
gabbros, such diffusive resetting mainly depends on the
diffusion coefficients and leads the closure temperatures to
deviate from the initial temperatures. Thus, the meaning of
thermometer-determined closure temperatures has to be
interpreted using relevant geospeedometers in the context of
cooling histories, i.e., cooling rates and initial temperatures.
These two cooling parameters are equally important for
understanding the thermal histories of a rock system but are
challenging to constrain together. However, the differential
diffusive responses of two elements with distinct geochemical
behaviors provides a general resolution to this problem by
combining the closure temperatures (or profiles) of two or
multiple geochemically distinct elements in the same
petrological system.

As an example, I showed that coupling Mg and REE
diffusive closures in plagioclase-clinopyroxene systems can
be used to simultaneously determine the crystallization
temperatures and cooling rates of mafic cumulate rocks.
Coupled with stratigraphic information, the speedometry
results enable one to establish a comprehensive record of
igneous accretion and cooling styles during igneous crust
formation, which was demonstrated by the case study on Hess
Deep gabbros from the fast-spreading East Pacific Rise. This
Mg-REE coupled geospeedometer could be applied to mafic
cumulate rocks from other geological settings, such as slow-
spreading ridges and ophiolites, for comparative studies on the
formation and thermal structures of oceanic crusts. In addition,
it could also be used to delineate the first-order information on
crustal formation at other rocky planetary bodies (e.g., Moon,
Vesta, and Mars) through returned samples or meteorites
despite the lack of geological contexts.
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